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[1] Evaporation and condensation in the soil column clearly influence year-round

nonconductive heat transfer dynamics in the dry active layer underlying semiarid
permafrost regions. We deduced this from heat flux components quantified using state-ofthe-art micrometeorological data sets obtained in dry and moist summers and in
winters with various snow cover depths. Vapor moves easily through large pores, some of
which connect to the atmosphere, allowing (1) considerable active layer warming driven
by pipe-like snowmelt infiltration, and (2) direct vapor linkage between atmosphere
and deeper soils. Because of strong adhesive forces, water in the dry active layer
evaporates with great difficulty. The fraction of latent heat to total soil heat storage ranged
from 26 to 45% in dry and moist summers, respectively. These values are not negligible,
despite being smaller than those of arctic wet active layer, in which only freezing and
thawing were considered.
Citation: Ishikawa, M., Y. Zhang, T. Kadota, and T. Ohata (2006), Hydrothermal regimes of the dry active layer, Water Resour. Res.,
42, W04401, doi:10.1029/2005WR004200.

1. Introduction
[2] The dry (i.e., highly unsaturated) active layer, the
upper soil layer that freezes and thaws each year in
permafrost regions, has many components that comprise
two solid forms (soil matrix and ice) and three fluid forms
(liquid water, air, and vapor). Nonconductive heat transfer
processes in this layer are quite complicated; transitions
may occur among all water phases, and heat transportation
may occur due to fluid movements driven by gravity and the
gradients of vapor pressure within the soil column [Kane et
al., 2001].
[3] The nonconductive heat dynamics in wet active
layers, in which volumetric fractions of air and vapor are
reduced, have been detailed by numerous studies [e.g.,
Hinkel et al., 2001; Mackay, 1983]. Hinkel and Outcalt
[1994] emphasized the importance of snowmelt infiltration, which rapidly warms the active layer. According to
Hinkel et al. [1993], rainfall infiltration effectively transports the sensible heat to the soil layers and deepens the
active layer in the Alaskan discontinuous permafrost
region. Putkonen [1998] and Romanovsky and Osterkamp
[2000], on the other hand, pointed out that moisture
migration is an insignificant heat-transporting mechanism
and that conduction is the dominant mechanism for
continuous permafrost. Kane et al. [2001] quantitatively
examined heat transfer associated with fluid movements,
using the Peclet number (the ratio of convective to
conductive heat transfer). The wet active layer experiences
well-known zero-curtain soil thermal regimes, during
which the temperature of the active layer remains constant
near the freezing point. These regimes are initiated and
maintained by latent heat originating from internal distillation, vapor transport, and freezing and thawing of the
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soil [Outcalt et al., 1990]. Roth and Boike [2001] explored
the effective thermal dynamics considering three waterphase transitions and stressed the importance of latent heat
produced by changes in water phase between liquid and
vapor even in the frozen state.
[4] Surface energy balance components at wet active
layer sites have convincingly demonstrated that the soil’s
latent heat is not negligible. Kane et al. [1990] found that
over the summer, 15– 17% of the net radiation was transferred into the active layer. This value is similar to those
reported in arctic Canada and central Siberia, in which the
fractions of latent heat flux are significant, corresponding to
80 –90% of total soil heat storage during the thawing period
[Boike et al., 1998; Rouse, 1984; Ohmura, 1982a].
[5] This paper describes hydraulic and thermal regimes of
the dry active layer with special focuses on nonconductive
heat transfer dynamics and their connections to the atmosphere. The data analyzed are from state-of-the-art measurements of land-surface micrometeorology, soil temperature,
and moisture at the study site in a semiarid permafrost
region of northeastern Mongolia.

2. Site and Data
[6] The site is on the flat pasture plain (N4745007.700,
E10720005.200, 1441 m above sea level), 60 km southeast of
Ulaanbaatar (Figure 1a). The mean annual total precipitation of Ulaanbaatar meteorological station was 300 mm
between 1980 and 2000, with approximately 80% of the
precipitation from June to August. The soils at this site
consist mainly of sands and cobbles, covered with an
organic-rich layer a few centimeters thick. Permafrost was
found below a depth of 6 m and is at a temperature close to
0C (Figure 1c); it is thus thermally unstable [Ishikawa et
al., 2005]. The yearly ratios of warming permafrost and
increasing active layer thickness since 1997 are 0.01C and
0.1 cm, respectively [Sharkhuu, 2003].
[7] The micrometeorological observations included air
temperature, relative humidity, and wind speed at four
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Figure 1. (a) Location and (b) view of the experimental site near Ulaanbaatar (UB), Mongolia.
Instruments visible are, from left to right, rain gauge; four radiation sensors and snow depth sensor at
around 1.5-m height; data logger box; battery boxes; wind, air temperature, and humidity sensors at four
heights (0.5, 1, 2, and 4 m); and solar panels. All instruments were surrounded by a latticed fence, 20 
20 m, which were replaced by a wider fence (200  200 m) before the onset of second winter. (c) Deeper
ground temperature envelop from March 2003 through March 2005 at the observational site.
heights (0.5, 1, 2, and 4 m), air pressure, and four radiation
components (Figure 1b). These observations were collected
using a 10-min data sampling interval. In addition, rainfall
and snow depth were measured using a 1-hour data sampling interval. Soil temperatures and volumetric water
content were measured using thermal (PT-100, ±0.01C of
accuracy) and moisture probes (10-cm-long ECH2O probe,
manufactured by Decagon, Inc.) that produced the permittivity-proportional voltage value using frequency domain
reflectometry. This technique is effective for frozen soils
[e.g., Patterson and Smith, 1980, 1981; Stein and Kane,
1983] because of the similar permittivity constants of ice
(4.2) and minerals (4), but the technique requires accurate
calibrations [Yoshikawa and Overduin, 2005]. To calibrate
the sensor, we trimmed an in situ unfrozen sample (20 
10  5 cm) in which the sensor was inserted and soaked in
deionized water, then dried it at room temperature. We read
the sensor output and measured the concurrent sample
weight at least 20 times in the course from saturation to
drying up. This calibration provided a good linear relation
(r2 = 0.98; resolution, 0.1%) that also applied for estimating
liquid water content in the frozen soils. The sensors were
installed in a cobble-free soil area at depths of 0 (0.04 for
soil moisture), 0.2, 0.4, 0.8, 1.2, 2.4, and 3.0 m with the heat
flow plates at 0.04 and 0.2 m. The pit for installation was
backfilled in stratigraphic order to restore original soil
structure, after which soil temperatures immediately equilibrated with the surroundings. The protective fence unexpectedly accumulated snow near the instruments in the first

winter; this inconvenience was resolved by replacing the
original fence with a wider fence in the second winter.

3. Analysis
[8] The surface energy balance equation during snowfree periods is
Qn ¼ Qh þ Qe þ Qg þ Qr ;

ð1Þ

where Qn is net radiation simply calculated from four
radiation components, Qh is sensible heat flux, Qe is latent
heat flux, Qg is the ground heat flux, and Qr is heat supplied
by rainfall. The turbulent fluxes Qh and Qe were estimated
from the Bowen ratio method. The Bowen ratio B is
expressed after approximating the fluxes by gradients in the
following manner:


B ¼ Qh =Qe ¼ Ca DT = Llv Dq ;

ð2Þ

where Ca is the specific heat of air, Llv is the latent heat for
vaporization, and DT and Dq are the vertical gradients of air
temperature and specific humidity, respectively. By combining equations (1) and (2) we derive the latent heat flux,


Qe ¼ rw Qn  Qg  Qr =ð1 þ BÞ;

ð3Þ

where rw is the density of water. Our calculations used data
from the ground heat flux sensor at 0.04 m as Qg and
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relative humidity and air temperatures at three heights (1,
2, and 4 m), removing spurious data as indicated by
Ohmura [1982b]. Assuming that the rain has the same
temperature as the air, Qr is computed using rainfall
intensity, Pr (kg m2 s1), and simultaneous air (Ta at 1.0
1
m height) and ground surface temperatures (Ts = (L"/s) =4
 273.15; L" is upward longwave radiation and s is the
Stefan-Boltzmann constant) by
Qr ¼ Cw ðTa  Ts ÞPr ;

ð4Þ

where Cw is the specific heat of water.
[9] The conductive (sensible) soil heat flux is described
by
jh ¼ kh

@T
;
@z

ð5Þ

where kh is bulk thermal conductivity, T is temperature, and
z is depth. The nonconductive heat component rh is
expressed in terms of heat production in W m3 and is
estimated by considering the one-dimensional energy
conservation as formulated by
rh ¼

@
@
½ch T þ jh ;
@t
@z

ð6Þ

where ch is the bulk heat capacity and t is the time.
Assuming negligible energy exchange below the lowest
measurement, total thermal energy stored in the active layer,
QgC, is the summation of conductive and nonconductive
heats of the layers as
QgC ¼

X


jih þ rhi d i ;

ð7Þ

i

where the subscript i represents each soil layer from surface
to bottom and di is the thickness of the ith layer. We set the
middepth of the ith layer to be at ith measurement depth
from the surface, and the second and sixth layers to extend
to the uppermost and lowermost measurement depths,
respectively. Accordingly, the soil column was divided into
five layers, the thicknesses of which were 0.3, 0.3, 0.4, 0.8,
and 1.2 m from the surface to 3.0 m. Finite element
formulation was used to solve equation (5):
jih

¼

khi

Ttiþ1  Tti1
;
Z iþ1  Z i1

ð8Þ

where jih is sensible heat flux at the ith layer (i = 2 6), Zi is
the ith measurement depth (i = 1 7), and Tit is the
temperature at Zi at time stamp t. Estimation of rhi is
obtained by substituting equation (8) into (6):
rhi ¼ cih

 iþ1

i
Tti  Tt1
1
Tt  Tti Tti  Tti1
; ð9Þ

 khi iþ1
Dt
Z  Z i1 Z iþ1  Z i Z i  Z i1

where Dt is time discretization.

cih
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[10] The bulk thermal conductivity kih and heat capacity
were estimated by [Farouki, 1981]
i

i

khi ¼ km1n ksn

qi

i

kwq





cih ¼ 1  ni rm cm þ ni  qi rs cs þ qi rw cw ;

ð10Þ

ð11Þ

where ni and qi are porosity and volumetric water contents
of the ith layer, respectively, and the subscripts m, s, and w
represent soil minerals, ice, and water, respectively. We set
n6} = {0.44, 0.35, 0.38}, measuring soil
{n2, n3, n4
porosity up to 0.6 m and assuming it to be uniform for the
greater depths. The density (r), specific heat (c), and
thermal conductivity (k) of soil constituted for equations
(10) and (11) were set as {rm, rs, rw} = {2.65, 0.91, 1.0} 
103 kg m3, {cm, cs, cw} = {0.733, 2.11, 4.22}  103 J kg1
K1, and {km, ks, kw} = {0.55, 2.2, 0.57} W m1 K1,
respectively. The same km was assumed for the entire soil
column and was determined in order to minimize the
discrepancies between the plate sensor outputs and
estimates from equation (8) at 0.2 m by using data obtained
in extremely dry soil, where convective heat could not be
considered.
[11] Assuming that calculated latent heat production is
arisen from single phase transition, we estimated the upper
3
limits of water undergoing phase change, rab
w (kg m ) by
rwab ¼

rh
;
Lab

ð12Þ

where Lab is the enthalpy of the transition from phases a to
phase b. We used values of {Lsl, Llv, Lsv} = {0.333, 2.45,
2.78} MJ kg1, where the subscript of s, l, and v stands for
solid, liquid, and vapor phases, respectively. Consumptions
of latent heat, rh < 0, possibly arise from evaporation and
ls
thawing (rvl
w < 0 and rw < 0, respectively), whereas releases,
rh > 0, arise from condensation and freezing (rvl
w > 0 and
rwls > 0, respectively). To identify the origination of latent
sl
heat production, we compared two quantities of qliq
w  rw
liq
vl
and qw  rw , and their absolute differences from zero.
Ideally, these discrepancies correspond to the liquid water
inflows and outflows, neither of which is associated with
phase changes. Sublimating frozen water (rsv
w ) was not
considered because this could not be manifested in qliq
w .

4. Results
[12] Weather data for two years (July 2002 through June
2004) were plotted (Figure 2), including the first summer
with little rainfall (63.2 mm in total rainfall during July,
August, and September (JAS)) and low mean net radiation
(39.4 W m2 in daily average during JAS), and the second
summer with more rainfall (126.7 mm) and greater radiation
(78.5 W m2). These variations possibly yielded higher
evaporation rates for the second summer, as evidenced by
the higher relative humidity during JAS 2003. Winter snow
cover thickness differed significantly between the first
(52 cm maximum depth) and second winters (11 cm), owing
to snow drifting.
[13] The mean temperature of soil extending from 0.2 to
0.8 m was 15.2C during JAS 2002 and 13.4C in JAS
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Figure 2. Records of micrometeorology, soil temperature, and soil moistures from July 2002 through
June 2004. Rainfall is plotted as daily totals. The other variables are plotted as daily mean values. Owing
to instrument failure, the surface soil temperatures from days 264 to 519 were unavailable.
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Figure 3. Estimated atmospheric latent heat (Qe, black curve), sensible heat (Qh, grey line), and heat
provided by rainfall (Qr) by equations (2) – (4). Five-day running mean values are plotted for Qe and Qh,
while daily values are shown for Qr .
2003. The colder active layer during the second summer
was possibly due, in part, to lower air temperature (15.4
and 12.1C in means corresponded) and/or evaporative
cooling [Outcalt et al., 1998] driven by higher net radiation
and rainfall. The soil water content was generally low
throughout the first summer, varying less than 7%; furthermore, soils during the following winter period had low ice
content. The winter soils might have been warmed by
thickened snow cover that reduced the heat exchange with
the atmosphere [e.g., Goodrich, 1982; Smith, 1975; Zhang
et al., 1996]. Indeed, the mean soil temperature at depths of
0.4 to 2.4 m were 6.93C during December through
February (DJF) for the first year, whereas it was 7.38C
for the second (Figure 2), despite similar corresponding air
temperatures (26.3 and 26.4C, respectively).
[14] The quantity of unfrozen water rapidly increased in a
few days at the end of the first winter, considerably
exceeding the quantity preceding soil freezing. Thereafter,
until approximately day 490, water content from 0.8 to
2.4 m fell to less than 10%, but was still slightly above
the levels of the first summer. This situation continued
throughout the second summer. In the early second winter,
decreased liquid water content at 0.4 m as soil temperatures
fell below the freezing point indicated a water phase change
to solid.

5. Discussion
5.1. Overview
[15] We categorized hydrothermal phenomena of the
active layer during three periods: (1) the ‘‘winter period,’’
which started with soil freezing in the uppermost layers and
ended with the onset of snow melt, corresponding to
approximate days 290– 450 and 660– 800; (2) the ‘‘snow
disappearance period,’’ in which snow was melting, and
which started at days around 450 and 800; and (3) the
‘‘summer period,’’ in which soils at all layers were in the
thawed state, corresponding to approximately days 180 –
270, 470– 670, and 820– 910.
[16] Figure 3 plots atmospheric energy balance components calculated by equations (1) – (4). The contrasting
weather conditions were clearly reflected in the atmospheric

heat fluxes, because Qe and Qh values of the first summer
were low, with daily averages during JAS of 33.4 and 44.7
W m2 d1, respectively. In contrast, these components
were greater throughout the second summer, averaging 80.9
and 87.2 W m2 d1, respectively. The gradually decreasing
Qe values during April and May show the evaporative
consumption of soil water. Subsequently, frequent rainfall
events occasionally increased Qe to levels similar to Qh
from June to August. The rain heat flux Qr at the surface
ranged only within ±3 W m2 and was lower in deeper
soils. In fact, this value is thermally negligible, even for the
uppermost soil layer (0.2 m).
5.2. Winter Period
[17] Latent heat warmed the soil during the first winter,
although snow thermal insulation might have caused this
warming. Values of jih below 0.4 m during DJF averaged
17.0 W m2 d1 for the first winter and 16.0 W m2 d1
for the second, despite lower soil temperatures. These inconsistencies are resolved by taking into account the latent heat
effect, because the corresponding total soil heat fluxes, QgC,
were in agreement (15.6 and 16.4 W m2 d1) with the
soil temperatures (6.93 and 7.38C) for the two winters,
respectively.
[18] All phases of water are included in the frozen active
layer that exhibits transiting between solid, liquid, and
vapors. As the soils were cooling (cooling period), until
approximate day 760, the negative rih values in soil
layers from 0.4 to 2.4 m showed latent heat consumption
(Figure 4a). Apparently, evaporation dominated at these
vl
liq
sl
layers, because the qliq
w and rw agreed well, but qw  rw
largely exceeded the measurement resolution in these layers
(Figure 4b). Thereafter, during days 761– 820, as the soils
were warming (warming period), positive rih from 0.4 to 1.2
m indicated latent heat release due to the water phase
changing from vapor to liquid (Figure 4a). We found the
occurrences of freezing to be in the limited zones and at
limited durations after soil temperatures dropped to the
sl
liq
freezing point. The 15-day totals of (rvl
w , rw, qw ) were
3
(1.1, 8.1, 11.5) kg m , respectively, at 0.4 m from
day 678 to 692 and (0.4, 3.2, 2.2) kg m3, respectively, at 0.8 m from day 688 to 702. The occurrences of
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Figure 5. Hourly temperature and moisture records of the first and second snow disappearance periods.
thawing were also restricted to the 0.4-m layer, where the 10day totals were (0.6, 4.4, 4.1) kg m3, respectively, from day
828 to 837, which was the period when soil temperatures
increased to thawing point without liquid water inflow.
[19] The soil temperature gradient governs vapor pressure
gradient, modulating evaporation, condensation, and vapor
movements. During cooling period, vapor produced at the
warmer layers from 0.4 to 1.2 m (Figures 4a and 4c) was
transferred to colder layer of 0.2 m where it condensed. The
vapor produced at the layers from 0.4 to 1.2 m, however,
mostly condensed in the same layers during a subsequent
warming period. The quantities of total liquid water for
evaporation from day 670 to 761, and for condensation
during the later warming period from day 762 to 817, was
nearly balanced (10.3 and 11.6 kg m3, respectively).
[20] With the warming of the near-surface layer from day
770, the soil temperature profile approached isotherm and
accordingly impeded evaporation at the source regions (0.4
to 1.2 m) and condensation at the sink region (0.2 m). The
temporary warmer period, e.g., between days 710 and 715
and days 775 and 790, also reduced or even inverted the
thermal gradient (Figures 4a and 4c), thus decreasing the
latent heat consumption in the source regions and causing
corresponding reduction of heat production in the sink
region.
[21] We observed positive rih values throughout the second winter at the 0.2-m layer, which might have experienced condensation throughout this period (Figure 4a). The
amount of liquid water lost, however, was greater than the

amount gained by condensation (Figure 4b). The storage
location and destination for this excess liquid water are less
obvious. We considered that such water moved upward due
to thermally induced moisture tension [e.g., Oliphant et al.,
1983; Smith, 1984]. We deduced this because considerable
water losses, i.e., greater than 4 kg m3 d1, were always
associated with the large temperature gradients (i.e., days
675 – 680, 685– 690, and 725– 750, Figure 4c) and these
amounts were reduced on days when temperature gradients
were small (i.e., days 715– 720 and 775– 785). Liquid water
redistribution due to temperature gradient has been observed at the various permafrost sites [e.g., Harris, 1988;
Hinkel et al., 1996; Mackay, 1983].
[22] Although rhi data at 0.2 m were not available for the
first winter, vapor dynamics would be qualitatively similar.
The magnitudes of vapor production were more reduced
during the first winter, as could be expected from the
reduced liquid water content (Figure 4a). The extremely
dry active layer includes water only in the form of adsorption water that is subject to strong adhesive and cohesive
forces, and liquid soil water in this layer evaporates with
greater difficulty. These are the possible explanations for the
higher occurrences of evaporation and condensation, especially in the moist soils at 0.4 and 0.8 m, during the second
winter (Figure 4a).
5.3. Snow Disappearance Period
[23] The soil temperatures rose by 2.5 – 6C in several
hours, during which isothermal conditions were established

Figure 4. (a) Soil latent heat production (rih) and flux (rihdi); sensible heat flux (jih); and the upper limits of water phase
ls
changing from vapor to liquid (rvl
w ), from liquid to solid (rw) of each layer identified with its middepth. These values are
derived by equations (5) – (12), and are shown in a 5-day running mean. Greater values of latent heat components, which
occurred around day 440, were cut off. (b) Logarithm plots of the discrepancies between the measurements by moisture
vl
liq
sl
probes and energy equivalent water phase changes, qliq
w  r w (black curve) and qw  r w (gray curve) for each layer as
a 5-day running mean. The shaded zones display outer range of moisture measurement resolution, ±101 kg m3. The
values within ±102 kg m3 are not shown. (c) Soil temperature gradients for reference.
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Figure 6. (a and c) Hourly plots of atmospheric latent heat flux, Qe (dashed curves), and soil latent heat
productions at 0.2 m, rhi (solid curves), during selected period of the midsummer, from 21 to 31 July.
(b and d) The near-surface soil temperature differences (0– 0.2 m) during the same dates.
over the soil profile (Figure 5). These rises did not progress
sequentially with depth but were concurrent with increased
moisture, which in turn resulted from heat transfer by
advection triggered by snowmelt infiltration. The dominant
role of nonconductive heat for soil warming was quantified
by rhi at the 0.4 m (di = 0.3 m), where rihdi was 4.7 W m2 d1
despite a negative jih (1.0 W m2 d1) through the period
of temperature increase, e.g., from 10 to 0C from
day 441 to 454.
[24] Snowmelt infiltrates through the macropore and open
crack systems with soil water pressure at zero and possibly
positive. Supports of this consideration are derived from
water flow velocity, estimated from the initial moisture rise
at 0.4 and 3.0 m, 2.4  104 m s1, which is typical
of macropore flow velocities summarized by Beven and
Germann [1982]. Furthermore, this flow began when the
near-surface (0.2 and 0.4 m) layers became saturated; this
observation agrees with the principles [e.g., Hillel, 1998;
Hornberger et al., 1998] by which positive pressures in the
saturated soil supply water to the deeper macropores. The
soil at the greatest depth (3.0 m), for example, warmed
immediately to near the thawing point around 2200 LT of
day 453, although the next shallower layers (1.2 and 2.4 m)
were still far below the freezing point. This temperature
difference is due to the heterogeneous soil structures, in
which water infiltration and percolation were governed by
preferential flow, e.g., fingering and/or bypassing flows
observed in unfrozen soils [Boike et al., 1998; Kung,
1990]. Similar temperature regimes were observed during
the melting period at a continuous permafrost site in Greenland by Humlum [1998], who also attributed this phenomenon to moisture migration.
[25] The hydrothermal dynamics observed during the
second snow disappearance period differed substantially
from those during the first; snowmelt thermally influenced
only the near-surface (0.2 and 0.4 m) layers, in which soil
temperature occasionally rose by 2– 4C, but still remained

below the freezing point (Figure 5). The active layer during
this period has moderate ice content, which could obstruct
macropore transmission through the soil profile, as is typical
for wet soils [e.g., Kane, 1980; Kane and Stein, 1983].
Snowmelt might partially refreeze and release latent heat,
furthering soil warming, as observed in the temporary
temperature increases at day 825. As soil temperatures at
0.4 m increase from – 10 to 0C, the daily jih was 1.7 W
m2 d1 and rihdi was 0.7 W m2 d1, which originated
both from heat transport by snowmelt advection and from
refreezing.
5.4. Summer Periods
[26] During the second summer, rhi at 0.2 m evolved
inversely to that at other depths, indicating vapor production
in the warmer layers, condensation in the colder layers, and
possible vapor movement between them (Figure 4a). We
found that half of the vapor produced at 0.2 m (rvl
w =
20.0 kg m3) was transferred to the 0.4- to 2.4-m layers
3
and condensed there (rvl
w = 10.0 kg m ) as the soils were
warming from days 520 to 577. Such vapor dynamics were
exactly reversed subsequently as soils were cooling (days
578 – 670), during which the former evaporation layers
gained 34.8 kg m3 of liquid water through condensation,
whereas the former condensation layers lost 18.6 kg m3
through evaporation. Temporal isotherm conditions also
illustrated the temperature-dependent vapor dynamics mentioned earlier, reducing the ratio of evaporation and condensation at depths shallower than 1.2 m, e.g., around days
220, 240, 540, 590, 850, and 880 (Figures 4a and 4c).
[27] Diurnal evolution of latent heat at near-surface active
layers and the atmosphere were in phase relationships for
the first midsummer (Figure 6). During daytime, when
upper soil layers were warm and atmospheric latent heat
fluxes were directed upward, the near-surface soil experienced evaporation despite the relatively high soil temperatures at the surface, while condensation occurred during
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Figure 7. Energy balance components, expressed in decimal fraction to the net radiation, during the
(a) first and (b) second summers. The components are shown in the means of 5 days, of which the midday
is shown on the x-axis.
nighttime. Extremely dry soils contain only the adsorption
water that surrounds soil particles; therefore areas with
strong gradient of vapor pressure were restricted to near
water film. The vapor pressure of soil pores was similar to
atmospheric pressure because of the direct vapor connection
to the atmosphere, which has relatively low vapor pressure
during daytime.
[28] In contrast, two latent heat components evolved in
the opposite fashion for moister soil in the second midsummer (Figure 6). This soil contained both adsorption water
and capillary water, thus constituting a mostly closed soil
pore system with less hydraulic connectivity to the atmosphere. The pore vapor pressure gradient may be more
uniform if the temperature gradient is small; the direction
of vapor movement depends on the temperature gradient, so
that the vapor produced by the warmer surface layer moves
downward and concurrently condenses at the colder layers
below. The atmospheric vapor production rates were nearly
proportional to those of condensation in the near-surface
active layer (Figure 6), supporting our deductions.
[29] Figure 7 demonstrates the relative importance of the
summer energy balance components calculated independently by equations (1) –(11). During the first summer, a
larger fraction of net radiation with a mean of 32% was
transferred into the active layer; 26% of this is equivalent to
the soil latent heat. The moister active layer during the
second summer received a smaller fraction of net radiation
(11%) due to the great energy consumption on the surface
(Figure 3). This active layer used greater soil latent heat
with 45% of total soil heat storage, which mostly originated
from soil internal vaporization, as discussed earlier. The
summer latent heat fractions of our site were lower than
those reported for wet active layer sites [Boike et al., 1998;
Ohmura, 1982a] where 50 –100% of the heat transferred
into the ground is used for active layer thawing. The large
imbalances between the atmospheric and soil energy components for the first summer may derived dominantly from
the substantial difference in thermal conductivities between

the sensor and its surrounding dried organic soil. Also,
underestimation of soil heat fluxes owing to omission of the
latent heat term by the sensor [Rouse, 1984] might have
caused this imbalance. The imbalances were minimized in
the second summer, because thermal conductivities of the
moister soil increased to that of the sensor, and decreased
hydraulic connection impeded vapor movement in the soil
column, reducing the fraction of soil latent heat to net
radiation, the values of which were 8 and 5% in the first
and second summers, respectively.

6. Summary and Conclusions
[30] The southern boundary of the Eurasian permafrost
has recently suffered from drastic climatic warming [e.g.,
Serreze et al., 2000], which initially deepened the dry active
layer, occupying the wide area of this region. We evaluated
nonconductive heat regimes of this active layer and their
links to the atmosphere by analyzing the data set from the
state-of-the-art measurements of micrometeorology, soil
temperature, and liquid soil water content at several depths
for 2 years, which covered dry and moist summers and
winters with various snow cover depths. The simple onedimensional energy conservation model quantified soil
latent heat components, the origination of which was
identified by comparing their water equivalence with the
temporal changes in liquid soil water outputs from highly
calibrated moisture probes.
[31] Year-round nonconductive heat of the dry active
layer is mostly produced by the changes in water phases
between liquid and vapor, because it can occur only if
temperature gradients exist, producing nonnegligible rates
of soil latent heat despite smaller liquid water content. In
our site, the greater soil latent heat production warmed the
active layer by at least 0.5C, even though the snow thermal
insulation was not clearly reflected in the soil sensible heat
fluxes. Summer water redistribution is also governed by
evaporation in warmer layers, by condensation in colder
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layers, and by vapor movements between them. These
vapor movements require broad hydraulic connectivity that
allows fluid exchanges between the surface and deeper soil
layers. The occurrence of broad hydraulic connection is
indicated by the drastic active layer warming driven by
snowmelt infiltration, which did not occur in the moister
active layer. The water in the moister active layer filled the
pores, restricting atmospheric vapor interaction to nearsurface layers. This water easily evaporated, due possibly
to reduced adhesive forces; we found a greater fraction of
soil latent heat to total soil heat storage in the moister
summer (45%) than in dry summer (26%). These values are
not negligible despite being smaller than those of arctic wet
active layers [Boike et al., 1998; Ohmura, 1982a; Rouse,
1984], in which only freezing and thawing were considered.
[32] Complete understanding of hydrothermal dynamics
operating in various types of active layer is required
considering all transitions between water phases. Since
water phase changing between liquid and vapor uses 7.4
times more energy than between solid and liquid, the
vaporization is not negligible even for wet active layer
[Hinkel and Outcalt, 1994; Roth and Boike, 2001] and
would be crucially important if permafrost degradation were
to lower ground water tables and dry up active layers.
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